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simulations, with applications for Martian volcanic and
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[11 Standard models for a warm, wet early Mars require a significant CO,-H,O
atmosphere in the past. The source for these phases is assumed to be volcanic degassing.
However, no consistent, dynamical models exist relating volcanic degassing to evolving
mantle temperatures. Here we use a range of thermal, geophysical, geological, and
petrological constraints from Mars to constrain mantle convection model simulations of
Mars’ post-Noachian stagnant lid evolution. We develop a methodology to
self-consistently calculate melt extraction from the mantle source region. Using a
dike-propagation algorithm, we can calculate the rate of volcanism and rate of volcanic
degassing from these simulations and compare them with estimates for Mars. We find that
Martian melt production rates are satisfied by a 200-km thick lithosphere (surface heat

flow 25 + 5 mW/m?) for an intermediate Martian solidus. Core-mantle temperatures
cannot exceed ~1850°C from geodynamo constraints, and the enrichment of
heat-producing elements into the crust is unlikely to exceed 25—50%. For hotter Martian
mantle temperatures in the past, we find an evolution in rates of volcanism from

>0.17 km*/yr for the early Hesperian to ~1 x 10~* km?/yr at present, consistent with
geological evidence. During this same interval, CO, flux would have declined from

8.8 x 107 to 6.7 x 10° kg/yr. If the early Hesperian supported a dense (>1 bar)
atmosphere, this implies that the average loss rate of CO, from the atmosphere was

15 times greater than the maximum influx rate during this time.

Citation: O’Neill, C., A. Lenardic, A. M. Jellinek, and W. S. Kiefer (2007), Melt propagation and volcanism in mantle convection
simulations, with applications for Martian volcanic and atmospheric evolution, J. Geophys. Res., 112, E07003,

doi:10.1029/2006JE002799.

1. Introduction

[2] The existence of stable liquid water on the surface of
early Mars requires significantly warmer surface temper-
atures generally associated with atmospheric pressures of
several bars [Jakosky and Phillips, 2001]. Both these con-
ditions minimally require increased volumes of volatiles,
notably CO, and H,O, in the Martian atmosphere in the
past, supplemented by additional heating mechanisms
[Forget and Pierrehumbert, 1997]. The volatile content of
the Martian atmosphere is a function of the variation in
replenishing and loss rates through time. Volatiles may be
lost to space, locked in polar ice caps, react with surface
minerals, or exist within the crust (for example, as ground-
water) [Jakosky and Phillips, 2001]. The Martian atmosphere
in the early Noachian (4.55—4.0 Ga) was probably efficiently
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lost by hydrodynamic escape and large impacts [Jakosky and
Phillips, 2001]. These processes do not induce isotope
fractionations, and measurements of ISN/'N and **Ar/°Ar
in gas trapped in the meteorite ALH84001 show no fraction-
ation, supporting the idea that impacts and hydrodynamic
escape dominated atmospheric loss prior to 3.9 Ga [Marti
and Mathew, 2000; Mathew and Marti, 2001]. Subsequent to
this, loss through solar wind interactions (such as pick-up ion
sputtering or hydrodynamic collisions) would become more
important, resulting in the isotopic fractionation of the
atmosphere observed presently [Jakosky and Phillips,
2001]. Most recent calculations based on the D/H atmo-
spheric ratio indicate 60—90% of Martian water present in
the Noachian has since been lost to space [ Yung et al., 1988;
Jakosky and Phillips, 2001].

[3] The primary source of most Martian volatiles is vol-
canic outgassing [e.g., Lunine et al., 2003], and thus volatile
replenishment rates on Mars will be tied to the rate of
volcanism through time. Evidence of recent volcanism on
Mars comes from young (<2 Ma, Neukum et al. [2004]) lava
flows of low crater densities, observed cinder cones near the
North Pole [Garvin et al., 2000], the putative presence of
atmospheric methane [Formisano et al., 2004; Lyons et al.,
2005], and the young (160—180 Ma) ages of many Martian
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meteorites [Borg et al., 2005]. That Mars is still volcani-
cally active is fairly remarkable, given its small size and
thermal state. Surface volcanism requires two criteria to
meet: (1) mantle melting, a process that is probably very
heterogenous and would generally occur at an active
upwelling, so long as the lithosphere was thin enough to
allow the warm upwelling material to exceed the solidus;
and (2) extraction of mantle melts to the surface.

[4] Melt extraction occurs by a variety of multiscale
processes in different tectonic settings [Hirschmann, 1995;
Kelemen et al., 1995; Rubin and MacDougall, 1988]. The
critical limiting process in the eruption of mantle melts in
most intraplate settings occurs in dike propagation. This
includes feeder dikes propagating melt from the mantle
source to shallow-level magma chambers, as is the case in
Hawaii, or the direct emplacement of dikes propagating
from the mantle source. Giant radiating dike swarms have
been associated with many large igneous provinces on
Earth, and dikes are probably the dominant migration
mechanism for intraplate mafic melts [Ernst et al., 2001].
Identification of giant radiating dike swarms on Venus and
Mars [Ernst et al., 2001] suggest dike propagation is an
important volcanic process on one-plate planets. Indeed,
most volcanism on these planets is probably perpetuated by
feeder dikes from mantle sources. However, the relationship
between mantle melting-dike propagation-volcanic degass-
ing is not simple. The degree of melting in the Martian
mantle depends critically on the lithospheric thickness,
mantle temperatures, and distribution of heat production.
The propagation of these melts as dikes depends on the
local melt fraction, the overpressure due to the melt’s
buoyancy that is required to drive dike propagation, and
the thickness and thermal state of the lithosphere [Rubin,
1995].

[5] The purpose of this paper is to introduce a self-
consistent method for calculating melt extraction and rates
of volcanism in mantle convection simulations using a
model of dike propagation and interaction from the mantle
source. The method will be used to constrain the post-
Noachian volatile outgassing rates on Mars. The first two
sections of this paper introduce the mantle/melting model
for present-day Mars and a model for surface volcanism
based on the efficiency of dike propagation from the mantle
source. We extend our models back to the conditions of the
late Noachian (~3.7 Ga) by increasing the concentration of
heat-producing elements in the crust and mantle and derive
a volatile degassing curve for Mars from 3.7 Ga to present.
We combine our degassing rates with simple estimates of
atmospheric loss rate through time to estimate the volatile
content of the atmosphere/surface through time and con-
strain the time period during which liquid water may have
been stable at the surface of Mars.

2. Model Description
2.1. Mantle Model

[6] The models presented here extend upon the one-
dimensional [Weizmann et al., 2001; Spohn, 1991] and
earlier two-dimensional [Kiefer, 2003] convection models
for Martian volcanism, in that we employ temperature-
dependent viscosities to self-consistently determine the
thickness of the lithosphere, internal temperatures, and the
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Table 1. Physical Parameters Used®
Symbol Property Value
Pm Mantle density 3400 kg m>
g Gravitation acceleration 372ms 2
o Thermal expansivity 3x 107°K™!
AT Nonadiabatic temperature drop 1600 K (varies)
Temp  Temperature at the CMB 1800°C (varies)
dm Depth of convecting mantle 1698 km®
d. Crustal thickness 50 km
K Thermal diffusivity 10°m?>s™!
k Thermal conductivity 35 Wm K
L Latent heat of melting 6.4 x 10° J kg™'
G, Specific heat 1200 J K ' kg™!
H Mantle heat production 4.1 x 1072 W kg~ ! (varies)
E Enrichment (crust) 0—1 (varies)
Nmantle  Mantle viscosity 10°-10%° Pas™! (Arrhenius law)
(0] Effective activation energy 80—510 kJ/mol®
b In viscosity exponent r
Ap Melt density contrast 400 kg m >
Nmele  Melt viscosity 10-100 Pas™'

dT,,/dz Wall rock temperature gradient From models, varies

M,,s Elastic stiffness 20 GPa [= G/(1 — v)]
Modulus of rigidity ~15 Gpa
v Poisson’s ratio 0.25
T, Melt temperature Equal to solidus at same pressure
T, Wall rock temperature Ambient local solid temperature

?All values are the default unless explicitly stated otherwise. For
references, see text, Kiefer [2003] and Rubin [1995].

®Assume depth to the CMB for calculating Ra, rather than the thickness
of the convecting mantle which is not defined a priori.

“Depends on Arrhenius formulation; see section 3.1 for full discussion.

depth to which hot upwelling mantle ascends. The thermo-
chemical convection calculations were performed using the
particle-in-cell finite element code Ellipsis [Moresi et al.,
2003] in a two-dimensional Cartesian geometry. We use a
128-node grid in the vertical, with similar resolution later-
ally. The vertical grid is compressed by a factor of 1.5 in the
top 10% of the modeling domain, where the greatest
viscosity contrasts exists (10° over the whole system, most
of which occurs in this region). The basal Rayleigh number,
assuming the physical properties in Table 1 and using a
temperature contrast of 1600 K, is ~3 x 10’. We also
include internal heating in these models (discussed below).
Other physical parameters used are listed in Table 1. We
experiment with Arrhenius viscosity profiles, with varying
viscosity contrasts. The realism of the viscosity structure of
Mars strongly affects the depth of the lithosphere and the
degree of melting.

[7] Fairly large uncertainties exist concerning the thermal
structure of Mars. One the most important factors influenc-
ing Mars’ thermal state is the concentration and partitioning
of heat-producing elements (HPEs) in the Martian crust and
mantle. Two models for Martian radioactivity exist: the
models of Wanke and Dreibus [1994], based on Martian
meteorites, and of Lodders and Fegley [1997], calculated
from mixed chrondritic compositions and fitted to oxygen
isotope data. These data give present-day internal heating
rates of 4.1 and 6.3 x 10 "> Wkg ', respectively. Follow-
ing Kiefer [2003], we adopt the former estimate as it better
fits the K/U and K/Th ratios in Martian meteorites and
gamma spectroscopy of the Martian surface [McLennan,
2001].

[8] The mean crustal thickness of Mars is assumed to be
50 km [Zuber et al., 2000; Neumann et al., 2004]. It has
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been suggested that the formation of Southern Highlands on
Mars would have depleted the mantle of over half of its
inventory of HPEs [Spohn, 1991]. Tight constraints of the
enrichment of the crust are, however, lacking. We consider a
range of enrichment, from no relative enrichment of the
crust to all the HPEs partitioned into the crust (i.e., no
internal heat production in the mantle).

[9] Present-day Martian surface temperatures average
about —53°C [Jakosky and Phillips, 2001]. On the basis
of mantle-melting simulations, Kiefer [2003] constrained
the temperatures at the base of the Martian mantle to be
~1750-1850°C. Thermal-history modeling by Nimmo and
Stevenson [2000] gives similar estimates. The Martian
adiabatic gradient is assumed to be 0.18 K/km [Kiefer,
2003], resulting in an adiabatic contribution to the temper-
ature gradient of 306°C at the base of the mantle. Thus a
temperature at the core-mantle boundary (CMB) of 1800°C
results in a nonadiabatic temperature difference of 1547 K
to drive convection. The potential temperature of the
Martian mantle is not set a priori; it arises as a consequence
of the total nonadiabatic temperature gradient and internal
heating rate (which vary back in the past and for different
degrees of mantle depletion). For systems with temperature-
dependent viscosities, the potential temperatures are pri-
marily sensitive solely to these factors.

[10] Additional constraints on the thermal state of Mars
arise from considerations of the surface and basal heat flow.
McGovern et al. [2002, 2004] derived estimates for the
elastic lithospheric thickness and heat flux using gravity and
topography data. Estimates from recent (Amazonian, 0 to
~2.9 Ga) loading from the Tharsis volcanoes give heat flux
estimates of 14—33 mW/m?. In comparison, Noachian heat
flux estimates are upward of 45 mW/m”. These estimates
provide useful constraints on thermal models of Mars.
Additionally, the heat flux out of the Martian core must
be less than 19 mW/m? or else the core would be con-
vectively unstable, possibly allowing a geodynamo to
operate [Nimmo and Stevenson, 2000]. While other factors
may complicate whether or not a core dynamo may operate,
it has been suggested that this low basal heat flow constraint
is applicable to post-Noachian evolution of Mars, during
which time the planet possessed no magnetic field [Nimmo
and Stevenson, 2000].

2.2. Melting Model

[11] Bertka and Holloway [1994] determined the solidus
for the dry undepleted Martian mantle composition by
Wanke and Dreibus [1994], up to pressures of 3 GPa. They
report low (1100°C) solidus temperatures at 0 GPa. Agee
and Draper [2004] also constrained the solidus in the
pressure range 5—9 GPa for the silicate portion of the
Homestead L5 ordinary chrondrite, believed to be of a
similar composition to the Martian mantle. Musselwhite et
al. [2006] calculated a depleted mantle solidus on the basis
of the melting behavior of the Martian meteorite Yamato
980459, an olivine-rich shergottite. They report significantly
higher (1440°C) solidus temperatures at 0 GPa, extending
up to 1600°C at ~1.7 GPa. We explore a range of solidii
encompassing these extremes.

[12] The presence of water in the mantle can significantly
reduce the solidus temperature. However, Carr and Wanke
[1992] and Norman [1999] constrain the water content of
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the melt source region to be between 4 and 36 ppm, based
on water content and degree of partial melt of Shergotty
(cw. 100—450 ppm for midocean ridge basalt (MORB) on
Earth; Sobolev and Chaussidon [1996]). Herd [2003] shows
that the very low oxygen fugacity of many shergottites
precludes the existence of free water in the source region.
On the other hand, strong evidence now exists for the
existence of free water on the surface of Mars in the past
[Carr, 1996; Squyres et al., 2004; Catling, 2004]. We
estimate the effect of a wet solidus on the degree of mantle
melting by systematically lowering the solidus by several
hundred degrees but suggest dry melting is more applicable
for post-Noachian Mars.

[13] Direct estimates of the Martian mantle liquidus are
limited. Agee and Draper [2004] estimate the difference
between the solidus and liquidus temperature to be 200 K
at 5 GPa. We adopt this difference to apply over the pressure
range considered. While McKenzie and Bickle [1988] have
shown that the melt fraction for peridotite melting on Earth
has a third-order polynomial relationship with the super-
solidus temperature, to a first degree a good approximation is
obtained by considering a linear relationship between melt
fraction and supersolidus temperature [Jaques and Green,
1980]. The supersolidus temperature Ty is defined by:

ro— =T )
T(P), = T(P),

where 7 is the temperature, P is the pressure, and the
subscripts s and I refer to the solidus and liquidus tempe-
ratures at P. The melt fraction F is equal to 7. Latent heat
of melting can have an important effect locally in
modulating further melt production, and we model this
effect by including a latent heat term in the energy equation
[O’Neill et al., 2005].

[14] We do not consider the ongoing depletion of the
mantle due to melt extraction in this study; this is history
dependent, irreversible, and strongly influenced by the
initial thermal configuration of a system. Instead, we
assume when the melt fraction reaches a critical density
(2% for peridotite melting; Turcotte and Schubert [1982]),
melt percolates into a network of veins and channels and
becomes concentrated on a scale below the resolution of our
model (i.e., subparticle scale). To convert two-dimensional
melt “areas” into melt volumes for comparison with Mar-
tian constraints, we make the assumption that the discrete
melt regions are cylindrically symmetric (which is approx-
imately valid if the active upwellings are plumes), then
integrate these discrete melt regions around a center axis to
obtain a volume. This local volume of this melt depends
both on a particle’s local volume and melt fraction. As we
will show, these local melt volumes exceed the necessary
criteria for dike propagation, and so extraction from the
source region occurs primarily by this mechanism [Rubin,
1998].

2.3. Model for Melt Propagation and Surface
Volcanism: Constraints and Limitations

[15] The extraction of melt from the mantle in intraplate
settings is not fully understood, and any model of it inevitably
simplifies the physical reality. In the first stage of melting,
melt migrates by porous flow through an interconnected
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network, when melt fractions reach a critical percentage
(~2%). These melts generally coalesce to form a dike in
order to propagate through the lithosphere. The intermediate
steps, from the coalescence of percolating melt to form a
network of veins and channels to finally reaching the critical
volume for dike formation, is not well understood in intra-
plate settings.

[16] A number of constraints exist of the physical pro-
cesses of melt extraction from the source region. First,
the spacing of volcanoes in island arc settings may give
an indication on the extent of the local source region
[Hieronymus and Bercovici, 2001]. However, the volcanic
spacing seems largely controlled by lithospheric flexure due
to the loading of the volcanoes [ten Brink, 1991; Heironymus
and Bercovici, 1999]. U-series systematics seem to suggest
an extremely short period of time between extraction from the
mantle and eruption (less than ~1000 years; Bourdon et al.
[2005], Turner et al. [2001]). This is extremely fast; in fact,
this time is less than the characteristic timestep of a convection
simulation and thus cannot be resolved dynamically in these
models. One implication of this is that we inherently assume
intermittent pulses with longer magma supply lags in between;
and the volume flux during such pulses will exceed the long-
term average. Another implication of this short extraction time
is that there is limited time for magma storage prior to eruption;
that is, the residence time in magma chambers during magma
ascent is either short or does not occur.

[17] This leads us to another constraint on magma trans-
port: magma buoyancy. The melting of mantle peridotite,
with a density of ~3300 kg/m’, generally produces melts of
basaltic composition (p ~ 2900 kg/m3). The density differ-
ence between the melt and residue creates a critical over-
pressure driving the melt toward the surface. For large dike
lengths typical for the eruption of mantle melts (>1 km), the
pressure due to the buoyancy of the melt dominates other
sources of pressure, such as magma chamber overpressure
or ambient tectonic stresses [Rubin, 1995]. The critical
overpressure can be calculated assuming Archimede’s prin-
ciple, namely, that the pressure is equal to the mass of the
fluid displaced, ApgV, where Vis the volume of melt. This
overpressure may change when the dike passes a density
transition in the lithospheric column, such as at the crust-
mantle boundary. Here the magma may no longer be
intrinsically buoyant, and it may stall. Lister [1990] showed
that the magma may overshoot this transition by some
amount. Additionally, the addition of volatiles may provide
an excess magma buoyancy enabling upward propagation to
continue. In the case of Mars, if we assume the majority of
the crust to be of a primarily basaltic composition, then a
magma of similar composition will possess enough intrinsic
density to rise to the surface. Exsolving volatiles may
reduce the magma density even further.

[18] Thus we have the following limitations on our model:
(1) we assume that melt is channeled and coalesces in
timescales less than the characteristic timescale of the simu-
lation. Thus at each new timestep we have a “finite volume”
of melt which propagates toward the surface. (2) We have
neglected magma storage during ascent and assume either
dikes freeze out during their ascent or erupt. (3) Because of
the lateral and vertical heterogeneity of the Martian crust and
the poorly constrained density of Martian melts, we have
neglected the effect of density changes in the host rock during
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magma ascent. This is a fairly severe assumption and one that
should be addressed in further work. In the severe case of
grossly overestimating melt buoyancy and overestimating
crustal densities, this approach may overestimate volcanic
rates by up to a factor of 3. Other approaches, such as
calculating the critical overpressure required to pressurize a
preexisting magma-filled fracture to enable it to propagate
from the level of neutral buoyancy to the surface [Jellinek and
DePaolo, 2003], may be useful in resolving the emplacement
mechanism. However, our goal here is primarily to introduce
a technique for calculating melt extraction from the mantle.
Thus the final emplacement of melt will result in the
emplacement of new crust regardless, though our estimates
of volcanism and volatile escape may be too high.

2.4. Propagation of a Single Dike

[19] The first constraint to be satisfied in order for a dike
to become self-propagating is that the elastic stresses
generated by the dike must exceed the fracture toughness
of the rock, Kc. This is formalized in the definition of the
crack-tip intensity factor K, where

K = 1L.12AP.(1) /> (2)

[20] Here AP, is the critical overpressure, and / is the
dike length. That K > Kc is a necessary condition for dike
propagation. This condition is shown in Figure la for
increasing magma chamber volume (and, subsequently,
increasing magma buoyancy and AP,.). In this case, the
magma source is assumed to be at 100 km depth, and the
dike length / is fixed at this value. The critical K., of around
1-10 MPam ™2, is reached for rather minor melt volumes
(~10 m?). In fact, for a nominal AP, ~ 1 MPa, this elastic
fracture criterion is met if dike lengths exceed few meters
and thus should be generally met in most mantle-melting
events. An important caveat to this is the criterion may be
more stringent if (1) we consider the increase in fracture
toughness of the rock with depth [Sato and Hashida, 2006],
and (2) we consider the decrease in melt buoyancy with
pressure [Stolper et al., 1981]. Both factors will sizably
increase the magma volume required for a hydrofracture
event by up to a factor of 3—4.

[21] In any case, the fracture criterion is in itself is an
insufficient condition to ensure that a dike will propagate
from its mantle source to the surface. As a dike intrudes
into cooler host rock, it will itself cool, become more
viscous, and eventually freeze. Rubin [1995] argues that a
dike will only propagate if the flow rate into the dike is
sufficient that the dike widens faster than it narrows as a
result of freezing. This condition is encapsulated in the
dimensionless parameter [3:

5—2 3K, l/Zc|a?TW/a'z| AP\ ? 3)
B WAPC L Melas

[22] Here x is the thermal diffusivity, ¢ is the specific
heat, 7, is the magma viscosity, L is the latent heat of
melting, dT,,,./dz is the temperature gradient in the wall rock
along the dike path, and M, is the elastic stiffness. If the
calculated value is less than the critical value of 0.15, the dike
will survive transport. We calculate [ for typical conditions
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Figure 1. (a) Crack tip intensity factor K versus melt

volume (equation 2). The critical fracture toughness Kc for
most rocks is between 1 and 10 MPam'’?. This criterion is
met in most mantle melting events for very small volumes
(<10 m?) of melt. (b) Thermal survival parameter (3 versus
melt volume (equation 3). We adopt representative physical
values for a mafic dike in a mantle source outlined by Rubin
[1995]. The critical 3 for the thermal survival of a
propagating dike is 0.15, a condition that is met for fairly
small (>21 m®) melt volumes. This small volume may be
revised if we consider (1) decreases in melt buoyancy with
depth [Stolper et al., 1981] and (2) increase in the critical
fracture toughness with depth [Sato and Hashida, 2006].

of a basaltic dike in a mantle source in Figure 1b (see Rubin
[1995] for details). As the melt volume increases, so does
AP,., and the critical value of § ~ 0.15 is met for melt
volumes of around 21 m>. This is a very small melt volume
and suggests that mafic dikes will be fairly ubiquitous
wherever mantle-melts pond in even minor volumes.

[23] While § describes whether a dike will propagate or
not, it does not constrain how far. The timescales for dike
formation and propagation are significantly less than the
timescales for melt supply by adiabatically decompressing
mantle flow. Additionally, for large dikes, it is unrealistic to
assume constant source pressure. Thus for our problem, we
consider the problem of finite volume source, which is
discussed by Lister [1994]. This formulation neglects elas-
ticity and assumes that the fundamental control on dike
propagation is the freezing of magma from the dike walls
inward. Assuming the magma temperature is at the solidus
(T,, = T,), the maximum height of ascent is:

N 4/5 A I/S
hy = 0.48)"/5 GA) < ”g> 4)

Nk
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[24] Here A4 is the cross-sectional area of the dike, Ap is
the density contrast between the melt and host rock, g is
gravity, 7,, is the magma viscosity, and « is the thermal
diffusivity. The parameter A is defined by a transcendental
equation, arising from the Stefan problem for the solidifi-
cation of a dike [Turcotte and Schubert, 1982]:

eV L\/7

A(1 + erf)) - (T — Th(2)) ®)

[25] Here erf refers to the error function, 7, is the magma
temperature, and 7,,,(z) is the temperature of the wall rock at
depth z. This function can be solved numerically or can, for
small ), be linearized to:

(T — Tyr(2))

A= /L

(6)

[26] If the source depth is shallower than 7/, then the
fraction of basalt erupted can be estimated from the ratio of
hyto the source depth. This is shown in Figure 2. For small
magma chambers (100 m x 100 m x 100 m, ~0.001 km?),
limited melt volumes constrain 4 in equation (4). Thus
while the dike will certainly propagate, it will only be able
to propagate ~24 km, far short of erupting on the surface in
this example. For greater melt volumes, /4, greatly exceeds
the depth to the melt source, and the volume erupted in
these circumstances is (1, — dsource)/fiy times the generated
melt volume.

2.5. Size of the Source Region

[27] As evidenced in the above examples, the size of the
source region of mantle dikes plays a controlling role in
whether a dike will erupt at the surface or not and what
fraction of available melt will be erupted. However, what is
the scale of this source region? As we have shown, mafic
dikes will propagate at extremely low melt volumes; and at
one extreme, we have the case where any small ponding of
melt will result in the formation of a small dike which
travels a minimal distance before freezing. Under these
conditions, it is difficult to generate sufficient melt volumes
to erupt through a thick, intact lithosphere. On the other
hand, mantle melting in actively upwelling zones can occur
on scales on several hundred kilometers. Assuming melt
percolates by porous/reactive flow in the actively melting
regions, there is the potential to concentrate massive melt
volumes, which would generate giant dikes with eruption
efficiencies approaching 100%.

2.5.1. Coalescence of Dikes

[28] The problem is rate-dependent, in that whenever melt
generation rates exceed the rate of cooling of small dikes,
minor dikes will become overwhelmed and coalesce to form
larger intrusive structures. Takada [1989] presented a model
of interacting propagating cracks. Additionally, Ito and
Martel [2002] showed that as rising dikes affect the local
stress field, they will mechanically interact and affect each
other’s ascent path. The strength of the interaction and its
style (whether repulsive or attractive) depends on the
horizontal and vertical displacements between the two
dikes. The behavior is summarized in Figure 3. No inter-
action occurs if the dikes are too widely spaced. If the
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Figure 2. Maximum height of ascent /1, versus magma volume [equation (4)]. For small magma volumes,
the distance the dike will propagate before freezing out is less than its depth (100 km in this example), and it
will not erupt. For greater magma volumes, the height of ascent exceeds the depth of the magma source, and
it will erupt. The percentage erupted can be estimated from the height of ascent maximum height of ascent
and the depth of the magma source. (b) Volume of magma (log scale, bottom) or dimensions of magma
chamber (top) versus the maximum height of ascent, calculated from equation (5). (c) Percentage of magma
erupted versus volume of magma.

spacing between dikes is less than the dike length scale, they will coalesce, and the strength of this coalescence

their stress fields will interact. In this case, if two dikes are  depends on their proximity.

at equal depths, the interaction of their stress fields tends to  2.5.2. Parameterised Model and Benchmark

cause repulsion. If the two dikes are at different depths, then [20] The mantle convection code we use, Ellipsis, is based
on a fixed Eulerian mesh but contains particles which act as

Weak Strong Repulsion No intersection
coalescence coalescence

z
X
x<L x<L x<L x>>L
z>L 0.1L<z<L z<0.1L vz

Figure 3. Summary of the interaction of ascending dikes, from the study of Ito and Martel [2002].
Propagating dikes affect their local stress field and will coalesce or repulse depending on their relative
positions. Dikes will coalesce if their horizontal spacing x is less than the dike length L, providing they
are offset vertically by at least 0.1 L. If they are not offset by 0.1 L, the dikes will repulse each other.
Additionally, if the horizontal separation between the dikes is much greater than the dike length, they will
not interact.
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Figure 4. Model for melt migration and benchmark. (a) At the finest scale (individual particles), melt
is assumed to rapidly coalesce by channeled flow into a finite volume, the size of which is determined
by the particle’s local volume and melt fraction. (b) This finite volume may or may not be sufficient for
dike propagation [equations (2) and (3)]; if so, (c) dikes will propagate a finite distance [equation (4)]
and may coalesce (Figure 3) and/or erupt at the surface. (d) Resolution test of our dike propagation/
interaction algorithm; Artificial mantle, melting zone configuration. We predefine a melt region between
40 and 120 km in depth and 200 km wide, with an instantaneous melt production rate of 0.0048 km?*/yr
(light). This melting zone is sampled by grids of various resolutions, representing initial dike spacings
of 1-10 km. These sample points represent a local volume defined by the resolution of the grid.
(e) Eruption rate versus dike (or grid) spacing. At a large grid(/dike) spacing of 10 km, the few large,
widely spaced dikes do not interact and carry most the melt to the surface. At finer dike spacings
(~1 km), the smaller dikes are unable to propagate to the surface but interact strongly because of their
close spacing. They eventually form a few, large dikes which transport most of the melt to the surface.

The eruption efficiency (~83%) is only weakly affected by the resolution.

integration points, are advected with the flow, and carry
important history-dependent information about the material
such as depletion. The particles represent the finest subdivi-
sion of the problem and are typically of the scale of a few
kilometers. Clearly this is far larger than the length scale of
melt features such as veins and dikes. Given this constraint
and the resolution of the timestep compared to melt extraction
time, we make the assumption that melt is focused and
coalesces into finite volumes within individual particles at
each time step. That is, given a certain average melt fraction
of a particle and knowing its local volume, we can estimate
the volume of melt produced. We assume this melt is rapidly
extracted by channelized flow to form a coherent magma
body on a timescale less than the simulation’s timescale.
These magma bodies, existing at the position of the particle,
then form dikes. Whether such dikes can propagate or not

depends on the satisfaction of equation (3). The height to
which they propagate is determined by equation (5). Their
behavior with respect to surrounding dikes is governed by the
criteria of Ito and Martel [2002]. A potential issue with using
the local volume of particles to determine melt volumes is:
Does the erupted melt volume depend on the local volume of
the particles? That is, if we have a low-resolution simulation,
with few particles of large volumes, and a high-resolution
simulation, with many particles of smaller local volumes, is
the eruption efficiency affected?

[30] We have included this empirical description of dike
interaction in our models to consistently self-determine the
scale of the melt source region. We show the results of a
resolution test on an algorithm describing this behavior in
Figure 4. Here we have predefined a melt region between
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40 and 120 km in depth and 200 km wide, with an instan-
taneous melt production rate of 0.0048 km?/yr. This melting
zone is sampled by grids of various resolutions, representing
initial dike spacings of 1-10 km. These sample points
represent a local volume defined by the resolution of the
grid. At a large grid (/dike) spacing of 10 km representing a
large local volume of melt, melt is efficiently carried to the
surface, and the widely spaced dikes do not intersect. At finer
dike spacings (~1 km), the ability of individual dikes to
propagate to the surface is diminished, and the closely spaced
dikes show a much greater proclivity to interact. This results
in the agglomeration of a few, large dikes which transport
most of the melt to the surface. The eruption efficiency
(~83%) is only weakly affected by the resolution.

3. Results
3.1. Viscosity Structures

[31] One of the most important controls on Martian melt
production is the lithospheric thickness. Kiefer [2003]
showed how small changes in lithospheric thickness can
completely shut off melting in the Martian mantle. The
mechanical lithosphere, i.e., that part that does not parti-
cipate in convection, is essentially equivalent to the thermal
boundary layer (TBL) and is essentially defined by the
temperature gradient between the mantle interior and
the surface and the vigor of convection (described by
the Rayleigh number). The Rayleigh number itself is a
function of the average internal viscosity, which again is
strongly dependent on the internal temperatures. Thus there
are important feedbacks between the interior mantle temper-
atures and the depth to which plumes can rise (lid thickness,
i.e., the thickness of the nonconvecting portion of the
surface boundary layer). Both these factors strongly affect
mantle melt production and need to be determined self-
consistently. This is an important advance over previous
studies and one which will strongly affect our results.
Previous work with stagnant lid convection [e.g., Moresi
and Solomatov, 1995] have shown that the internal temper-
atures of such systems are much greater than equivalent
isoviscous or mobile-lid systems.

[32] We explore the effect of different viscosity structures
in Figure 5. An important distinction between isoviscous
cases and temperature-dependent viscosity examples is that
with a temperature-dependent viscosity, cold material tends
to convect very sluggishly. This inefficient advection of heat
causes the system to heat up and subsequently convect
faster, and the tendency is that temperature-dependent
viscosities result in higher internal temperatures and more
melting than equivalent isoviscous cases. This is, however,
strongly provisional on lid thickness.

[33] Inourtemperature-dependent viscosity examples, this
lid thickness is self-consistently determined by the rheology
and temperature gradient. Laboratory experiments have
shown that the mantle follows an Arrhenius temperature
dependence [Karato and Wu, 1993]. Because our models
are solved for nondimensional temperatures between 0 and 1,
we adopt the following form for the Arrhenius viscosity:

n=AeQ/T+h) (7)
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[34] The constant b we use to avoid singularities when
T = 0. 4 is the viscosity scaling factor, and Q; is related
to an activation enthalpy, compared to the standard Arrhenius
form (such as used by Karato and Wu [1993]).

[35] The lack of surface deformation for the last 3 Gyr
suggests that the predominant mode of convection on Mars
for most of its history is stagnant lid convection. We adopt a
viscosity contrast (10°) sufficient to place us firmly within
the stagnant lid regime. Larger viscosity variations are
increasingly difficult to solve and primarily affect the
uppermost portions of the immobile lid and not the bulk
internal viscosities (Figure 5, cw. King and Masters [1992]).
Furthermore, the uppermost portions of the lid where these
large viscosity gradients occur would, if stressed, fail by
brittle-fracture or plastic mechanisms rather than viscous
flow.

[36] We have tested the sensitivity of the viscosity gradi-
ent across the rheological boundary, which drives the
internal flow, to varying viscosity contrasts. The effect of
increasing viscosity contrast on lid thickness is less than
variations within a lid thickness for a given viscosity contrast.
The rheological boundary layer thickness is strongly sensi-
tive to mantle thermal structure, and variations within a given
model are greater than variations between different viscosity
contrasts. The viscosity contrast across the rheological
boundary layer is less than an order of magnitude in all cases.

[37] Support for extremely large viscosity contrasts with
temperature within the mantle come from the work of
Karato and Wu [1993], who calculated plausible activation
energies (200-400 kJ/mol) which suggest viscosity con-
trasts of the order of >10*’. Such contrasts are not reliably
treated by our code’s solver, but we have made a compar-
ison between a viscosity contrast of 10° and 10*° but with a
viscosity cut-off for the latter imposed at 10° (nb we derive
0, and b to simultaneously satisfy a 10%° viscosity contrast
in a nondimensional system with a temperature contrast of
0—1). The results of this are shown in Figure 5c. The
average lithospheric thickness is slightly greater for the
10% case, but the fundamental observation remains that
the variability in the viscosity gradient over the rheological
boundary layer, even within a model at a certain timestep, is
greater than the systematic variation with increasing viscos-
ity contrast. The viscosity drop over the rheological bound-
ary layer is similar in both cases (i.c., less than an order of
magnitude, factor of ~8). The interior velocities are com-
parable in both cases.

[38] Another form of the Arrhenius viscosity more com-
monly used recently adopts an exponent of (O,/RT), where
0, is the activation energy (strictly, the activation enthalpy,
but we are ignoring pressure effects), and R is the gas
constant [Reese et al., 1999]. The gradients between this
formulation and equation (7) are slightly different, but a
comparison between the two can be made at a given
temperature. For a surface temperature of ~220 K and a
viscosity contrast of 10°, the exponent is ~44. Equating this
to (Q»/RT) for the same temperature and R = 8.314 gives us
an activation energy of ~81 kJ/mol. This is low, but new
studies of seamount loading have suggested activation
energies of 120 kJ/mol with asthenospheric viscosities of
<20 Pa s [Watts and Zhong, 2000]. For interior temper-
atures of ~1800 K, the exponent is ~34, giving an
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Figure 5. Effect of viscosity structure on mantle configuration and melt production. (a) Nondimen-
sional temperature versus depth, horizontally averaged for the whole system. The sublithospheric melt-
zone for the Martian solidus of Bertka and Holloway [1994] is shown. 0, denotes the rheological
boundary layer, and ATy, shows the temperature contrast across it. The enrichment value in the legend is
here denoted by “E”. (b) Viscosity profiles for Arrhenius viscosity relationships with different total
viscosity contrasts (10°—10%). The profiles are constructed by interpolation from particle tracers and so
do not reach the maximum nodal viscosities near the surface. Examples are shown for 10°~10%, from
different parts of the lid (i.e., not averaged as in Figure 5a), showing the variation within a given
simulation is as large as the variation in lid thickness for increasing viscosities within the range explored.
o denotes viscosity contrast across the rheological boundary layer. (¢) Comparison of three viscosity
profiles from two different timesteps for a contrast of 10> and three profiles for a viscosity contrast of
10*° with a maximum viscosity cutoff imposed at 10°. (d—g) Examples of stagnant lid convection with
Arrhenius viscosity which varies over 5 orders of magnitude, with a basal Rayleigh number of 3 x 10”.
All models have periodic boundary conditions, and normalized temperature/melt production profiles are
shown to the right. The examples are for no crustal enrichment of heat production or the extreme case
where all heat production is concentrated in the crust, for the Martian solidus of Bertka and Holloway

[1994] (Figures 5d and 5e are temperature fields, Figures 5f and 5g show melt production).

activation energy of ~510 kJ/mol. The two are different, as
the gradients between the two formulations are not directly
comparable, but encompass an acceptable range of activa-
tion energies. Variations between the two formulations
predominantly occur in the stagnant upper boundary layer
and do not significantly alter the style of convection. The
important thing for this study is we have (1) plausible
viscosity gradients and total viscosity contrasts over the
rheological boundary layer; (2) plausible, if variable, rheo-
logical boundary layer thicknesses; (3) plausible velocities
within the rheological boundary layer and the convecting
interior; and (4) acceptable temperature contrasts across the
rheological boundary layer.

[39] Furthermore, the lithospheric thickness in this example
is around 200 km, similar to estimates for Mars based on
elastic lithospheric thicknesses. The average surface heat flux
in this example (25 + 5 mW/m?) is also very similar to
estimates of the recent heat flow of the Tharsis rise [McGovern

etal.,2002,2004]. Given this consistency and that the effect of
unknown compositional variations or volatile variations will
have far greater effects on the effective viscosity, and for
computational speed and accuracy, we use a viscosity contrast
of 10° from here on.

[40] Interestingly, the warmer interior temperatures in our
temperature-dependent viscosity examples result in mantle
melting for all values of crustal enrichment, from primitive
mantle to all HPEs concentrated in the crust. This is in
contrast to the simulations of Kiefer [2003], who found
mantle melting ceased at a critical depletion value. The
difference between the two results is primarily due to the
higher internal temperatures in our simulations but suggests
that, for the solidus of Bertka and Holloway [1994], mantle
melt production cannot “by itself” constrain the degree of
crustal enrichment on Mars. We discuss this further in the
following sections.
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Figure 6. (a) Core-mantle heat flux versus time for a number of simulations with different nonadiabatic
temperature drops across the convecting mantle. Models similar to Figure 5 and described in text. All
model parameters (including heat production) are held constant, and the model is allowed to run to steady
state. The large initial peak in heat flux is a transient feature resulting from our nonsteady state starting
conditions. If the nonadiabatic temperature drop exceeds 1600 K (equivalent to temperature at the CMB
of 1853°C), then core heat flux should be enough to power a geodynamo. The lack of a global magnetic
field on Mars suggests that temperatures at the CMB do not exceed ~1850°C. (b) Melt fraction profiles
for the three listed nonadiabatic temperature drops. The extremely high melt fractions, a temperature drop
of 1700 K (CMB temperature of 1953°C), provides an additional argument against a hot Martian CMB,
though the extreme depletion in some shergotittes [Musselwhite et al., 2006] suggests this could be

locally important during Tharsis’s history.

3.2. CMB Temperatures

[41] A dominant factor in the internal temperatures of the
Martian mantle is the nonadiabatic temperature difference
across the mantle available to drive convection. We have
assumed a nominal temperature drop of 1547°C, equivalent
to a basal temperature of 1800°C. The effect of changing
this is shown in Figure 6.

[42] The high internal temperatures strongly modulate the
temperatures in upwelling plumes, and the melt production
rate is only weakly dependent on the temperatures at the
base of the mantle. However, the temperature drop across
the lower thermal boundary layer, and thus the average
basal heat flux, is strongly a function of CMB temperatures.
Increasing the CMB temperatures to 1853°C (equivalent to
a 1600°C nonadiabatic temperature drop) results in basal
heat fluxes in excess of 19 mW/m?, which would cause the
core to convect and potentially power a dynamo [Nimmo
and Stevenson, 2000]. If we take the lack of a present
Martian magnetic field as a constraint on the CMB heat
flux, then the temperatures at the CMB presently should not
exceed ~1850°C. Of course, there are large uncertainties in
the critical heat flux value of 19 mW/m?, of the order of a
factor of 2 [Nimmo and Stevenson, 2000], and additional
geometric uncertainties are introduced by our regional-scale
Cartesian grid (as opposed to a global spherical geometry).
In all, the critical CMB heat flux temperature has an
uncertainty of probably at least a factor of 2—3, although
it is increasingly difficult to reconcile models with the
evidence for more extreme values.

3.3. Effect of Solidus/Liquidus Variations

[43] Mantle melt production rates are strongly sensitive to
the assumed solidus. Figure 7 shows the effect varying the
solidus temperature (at zero pressure) has on the extent of
mantle melt production. The solidus of Bertka and Holloway
[1994] is based on average mantle compositions before
crustal extraction and is probably an underestimate of the
average Martian mantle solidus for the Hesperian and
Amazonian. It also gives an unrealistically high melt pro-
duction rate for our stagnant lid models. This again contrasts
with Kiefer [2003] and is a result of the higher mantle
temperatures in simulations with temperature-dependent vis-
cosities. At the other extreme, the solidus for Martian
meteorite Yamato determined by Musselwhite et al. [2006],
at 1440°C at zero pressure, is extremely high, reflecting its
very high olivine abundance. However, this composition is
probably not representative of the bulk of the Martian mantle.
It results in no melt production for our ““Amazonian’ models.
Understanding the high temperature origin of the Yamato
980459 melting event and its possible relationship to deep
thermal or chemical heterogeneities in the Martian mantle
remains an important challenge that we leave to future work.

[44] The volcanic resurfacing rate on Mars for the midlate
Amazonian has been estimated at 102 km?/yr [Tanaka et
al., 1992; Hartmann and Neukum, 2001]. On the basis of
the assumed thickness of lava flows (3—10 m), this equates
to a volumetric eruption rate of 0.3—1 x 10~* km*/yr. From
this, Kiefer [2003] estimates a recent melt production rate of
0.15-2 x 10~ km®/yr assuming an eruption efficiency of
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Figure 7. Mantle melt production rate versus time for models similar to Figure 5, with material
properties listed in Table 1. For a surface solidus temperature by Bertka and Holloway [1994] of 1100°C
or less, the melt production rates exceed the estimated Amazonian Martian melt production estimates of
Kiefer [2003] (shaded region). For extremely high surface solidus temperatures, such as that of
Musselwhite et al. [2006], no mantle melting occurs. For this model, we find an acceptable melt
production rate for a surface solidus temperature of 1250°C, intermediate between the undepleted solidus
of Bertka and Holloway [1994] and the extremely depleted shergottite solidus of Musselwhite et al.

[2006].

5-20%. The current volcanism rates on Mars can be
matched for our “Amazonian” mantle model by a solidus
intermediate between the undifferentiated example by
Bertka and Holloway [1994] and the extremely depleted
solidus of Musselwhite et al. [2006]. Because of limited
Martian samples, no melting experiments exist on a sample
intermediate between Wanke and Dreibus’s [1994] undif-
ferentiated Martian mantle case and the extremely depleted
Yamato 980459 shergottite. However, a solidus representa-
tive of the average Martian mantle is likely to fall between
these extremes, and in the absence of any specific constraints,
we assume its starting temperature to be 1200—1300°C
at zero pressure.

3.4. Mantle Depletion: Crustal Enrichment

[45] Obviously, there will be a play-off between solidus
temperature and the level of crustal enrichment; higher
solidus temperatures will require lower levels of crustal
enrichment to maintain a permissible melt production rate.
With that in mind, Figure 8 shows the relationship between
the eruption rate and level of crustal enrichment for 1250°C
surface solidus temperature. For low levels of crustal
enrichment, high heat production in the mantle results in
significant (>5e—4 km3/yr) eruption rates, in excess of
estimated volcanic resurfacing rates for Mars [Tanaka et
al., 1992; Hartmann and Neukum, 2001]. Increasing the
crustal enrichment systematically decreases the mantle
temperatures and subsequently the mantle melt production
rates. For enrichment values in excess of 50%, no melting
occurs. For a 1250°C solidus temperature, allowable levels
of crustal enrichment are between ~25 and 42%. Note that
the quantity plotted in both Figures 8 and 9 is the surface
eruption rate rather than the total melt production rate as

was shown in Figure 7. The surface eruption rate is derived
from the volcanic resurfacing rate (102 km?/yr, Tanaka et
al. [1992]; Hartmann and Neukum [2001]) multiplied by
the assumed thickness of the lava flows (3—10 m). The melt
production rate in Figure 7 was derived from that assuming
an eruption efficiency of 5-20% [Kiefer, 2003].

[46] We should reiterate that, at such low melt production
rates, the allowable enrichment levels are strongly sensitive
on the presumed solidus. For low solidus temperatures
(~1100°C, Bertka and Holloway [1994], for an undepleted
Martian mantle), the melt production rates are an order of
magnitude in excess of those estimated for Mars, for all
values of crustal enrichment. On the other hand, an extremely
depleted Martian solidus (1440°C, Musselwhite et al. [2006],
for the Yamoto 980459 shergottite) produces no mantle melt
for all crustal enrichment values. Unfortunately, no experi-
mental constraints are, to date, available on intermediate,
depleted representative Martian mantle solidii. Additionally,
it has been suggested that the Martian mantle is fairly
heterogenous (cw. Herd [2003]), raising the question of
whether a “representative” Martian solidus is a meaningful
concept. In the absence of tighter constraints, we can only
conclude that probable values of crustal enrichment on Mars
which are consistent with the present volcanic rate are
between 25 and 50%.

3.5. Composite Model

[47] While the previous models are sensitive to some
parameters, in particular solidus temperatures, it is possible
to construct a composite model that satisfies, within their
uncertainties, all the given thermal and geological constraints
for Mars. We use an Arrhenius viscosity, varying over
5 orders of magnitude (average interior viscosity 10%! Pas).
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Figure 8. Surface eruption rate versus the level of crustal enrichment (0, no enrichment of HPEs into
the crust; 1, all HPEs concentrated into the crust). For the model parameters listed in Table 1, with a
surface solidus temperature of 1250°C. The range of permissible Martian eruption rates is calculated in
the text. We find an enrichment value of 25-41% consistent with the recent volcanic record of Mars.

This gives as an average lithospheric thickness of ~200 km
and a present-day heat flow of 25 mW/m?, consistent with
estimates from McGovern et al. [2002, 2004]. We assume the
base of the Martian mantle is 1800°C, giving us a nonadia-
batic temperature drop of 1547°C to drive convection. The
average basal heat flow is less than 19 mW/m?, which is
sufficiently low that the outer core might not convect [ Nimmo
and Stevenson, 2000] and thus avoid generating a geody-

namo. We use an enrichment of 40% (i.e., 40% of HPEs are
sequestered into the crust). Assuming a surface solidus
temgerature of 1200°C results in an eruption rate of 5 x
10~ km?/yr, above our Amazonian estimates of 0.3—1 x
10~* km?/yr (section 3.3). However, adopting a surface
solidus temperature of 1250°C results in an average eruption
rate of 1 x 10~* km?/yr, consistent with recent estimates.
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Figure 9. (a) Variation in total heat production versus time for the radioactivity model of Wanke and
Dreibus [1994]. (b) Variation in surface eruption rate versus total mantle heat production for two different
surface solidus temperatures (labeled) and an enrichment value of 40%. The 1200°C solidus fits the
average “‘post-Noachian” global eruption rate of Greeley and Schneid [1991]. However, it overestimates
the current (Amazonian) eruption rate (see text). A 1250°C solidus matches the present eruption rates
well, though the average post-Noachian rate is below the Greeley and Schneid estimate. Given that the
Martian solidus may be quite heterogenous, these models reproduce the decline in eruption rate through
time extremely well.
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[48] Greeley and Schneid’s [1991] measured volume of
post-Noachian volcanism is equivalent to an average extru-
sion rate of about 0.02 km®/yr. For a plausible range of the
ratio of intrusive to extrusive volcanism (5:1 to 12:1), this
translates into an average total melt production volume of
0.11 to 0.24 km®/yr, with a best estimate value of 0.17 km®/yr.
This is considerably more than the assumed recent eruption
rate estimate, ~1 x 10~* km®/yr [Kiefer, 2003] and suggests
a considerable decline in volcanism over the last ~3.5 Ga.
We have used our “best fit” model parameters to calculate
the average eruption rate through time in Figure 9. Here we
increase the total heat production in the system back through
time (Figure 9a), assuming a constant enrichment value. For a
1250°C surface solidus temperature, we fit the present-day
eruption rates and satisfy the “post-Noachian” eruption rate
estimates for the earliest Hesperian; however, the average
integrated eruption rate is lower than Greeley and Schneid’s
estimate. For a 1200°C solidus, the average eruption rates are
similar to Greeley and Schneid’s estimate for much of the
Amazonian and Hesperian, but this solidus overestimates the
present-day eruption rates and the early Hesperian eruption
rates, and the integrated eruption rate is higher than that of
Greeley and Schneid. However, given the difficulties in
constraining a representative Martian solidus and the
uncertainties in eruption rate estimates, this example shows
extremely well how the eruption rates on post-Noachian
Mars may have varied for sensible model parameters.

4. Discussion

[49] By far the most sensitive influence on Martian melt
production is the representative Martian solidus. In these
models, the difference between calculated solidi for Mars
(Bertka and Holloway [1994] versus Musselwhite et al.
[2006]) results in either excessive amounts of melt or no
melt at all. The variable degree of depletion observed in the
Martian shergottites [Musselwhite et al., 2006] suggests that
further models which include the ongoing depletion of the
Martian mantle could shed light on heterogeneity in Martian
melting conditions. Another critical aspect is the depth of
the lithosphere, which constrains the depth to which warm
mantle can ascend and thus melt production rates. Here this
is determined self-consistently using temperature-dependent
viscosity laws, but the choice of viscosity law markedly
affects the lithospheric thickness. Our choice of an Arhennius
viscosity law, varying over 5 orders of magnitude for the
temperature range considered, gives lithospheric thicknesses
and surface heat flux values similar to estimates for Mars
[McGovern et al., 2002, 2004].

[s50] Within these bounds, we can also constrain the CMB
temperatures, if we assume that 19 mW/m? is an upper
bound, to be less than 1850°C. The basal heat flux is quite
sensitive to this temperature. Furthermore, we estimate
the enrichment of the Martian crust to be within the range
25-50%. Naturally this is contingent on the representative
solidus and, to a lesser degree, lithospheric thickness. One
aspect of this problem is to what extent does our Cartesian
modeling domain affect the global energy budget? The
problem is that for a Cartesian grid, the surface area at the
top and bottom of the modeling domain are equal, while for
a spherical planet with a core approximately one half of the
planetary radius, the surface area at the bottom is a quarter
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that of the top. If the system is purely basally heated, then
the basal heat flux needs to be 4 times the surface heat flux
at equilibrium, whereas for a Cartesian model they are
equal.

[s1] Of course, the Martian mantle is not solely basally
heated but predominantly internally heated and with tem-
perature-dependent viscosities. Such a system is subtly
different, in that internal temperatures are largely governed
by the rate of internal heating. The reason for this regulation
was first espoused by Tozer [1972]: if the mantle is too hot,
it will convect fast and loose its heat, lowering the internal
temperatures. If it is too cold and not convecting fast
enough, it will heat up, thus raising the internal temper-
atures. Thus the internal temperatures are strongly regulated
by the internal heating rate. The internal heating rate is
generally presented as a volumetric heating rate; and thus
the geometry is somewhat peripheral to the determination of
internal temperatures, which will, to first order, be depen-
dent on volumetric heating rates and the temperature-
dependence of viscosity. Naturally, additional basal heating
will contribute to internal mantle temperatures, but most
estimates for Earth at least suggest that this is a second-
order contribution [Sleep, 1992].

[52] So to a first order, the mantle surface heat flux
depends on the difference between mantle and surface
temperatures and will be primarily determined on the
internal temperatures, which are geometrically insensitive.
Naturally the CMB heat flux has a contribution, but again
sensible estimates suggest it is secondary [Sleep, 1992]. The
CMB heat flux itself is determined by the temperature
difference between the mantle and the core. That is, CMB
heat flux should be primarily determined by a parameter
that is geometrically insensitive. Furthermore, increased
CMB heat flux would heat up the mantle, decreasing the
temperature difference across the CMB, lowering the CMB
heat flux. Thus there is a negative feedback in CMB heat
flux, and it is strongly contingent on internal mantle temper-
atures, which should be largely geometrically insensitive.
This broad argument is supported by the numerics. Kiefer
[2003] has previously addressed similar problems in iso-
viscous systems in a twvo-dimensional hemispheric geometry,
which is identical to a full spherical geometry for the
purposes of heat flux. To give an example, model 4 in this
paper gives a surface heat flux of 21.8 mW/m? and a basal
heat flux of 33.3 mW/m?>. The basal heat flux is only 1.5 times
the surface heat flux rather than 4 times as per a purely
bottom-heated system, supporting the contention that internal
heating has a dominant role in determining CMB heat flux.
This contrast drops even more for the higher internal
temperatures of systems employing temperature-dependent
viscosities.

[53] Another, related point is the extent to which melt
production in our restricted, 4 x 1 boxes can be considered
representative of Martian global averages. In all these
simulations, melt production is restricted to a small number
(1-3) of vigorous upwellings. A similar situation exists on
Mars, where active volcanism is restricted to very few
volcanic centers, and the bulk of recent Martian volcanism
is concentrated around Tharsis [Greeley and Schneid,
1991]. We argue that the few active volcanic centers in
our simulations are the equivalent, for purposes of eruption
rate, of the volcanic centers on Mars. Obviously this is not
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entirely satisfactory, and future work ideally would revisit
this problem in a full three-dimensional spherical model.

[54] Our simplified dike propagation model excludes a
number of effects that may be important for the localization
and magnitude of surface eruptions. First, we assume verti-
cal propagation only here. The reason for this is primary
driving force for mantle dikes is the positive buoyancy of the
melt. However, the ascent of dikes is strongly influenced by
the ambient local stress field [/fo and Martel, 2002], and this
is an effect that should be included in future models.
Additionally, the propensity of dikes to take advantage of
zones of lithospheric weakness (for example, preexisting
fractures, etc.) is important for the surface distribution of
volcanics and is another effect to consider in future work.
None of these effects greatly affect our volcanic eruption rate
estimates, however.

[55s] A more significant effect is the response of propa-
gating dikes to changes in density of the host rock. Here we
are primarily concerned with the development and applica-
tion of a model for the propagation of magma by interacting
dikes from the mantle source region. We have neglected
some details of the near-surface emplacement and assumed
that the hot melt is at all times more buoyant than the host
rock, an assumption that may not be valid for dikes
propagating into low-density, differentiated crust. In this
case, dikes may intrude at depth and never erupt on the
surface. Future models would ideally recalculate the relative
density of the dike and host rock as it ascended the rock
column. Examples of dike emplacement models for Mars,
including the effect of a neutral-buoyancy level, are given in
the studies of Scott et al. [2002] and Wilson and Head
[2002]. In terms of this work, the results may overestimate
the volcanic eruption rate (for a given mantle melt produc-
tion rate), though in a systematic way.

5. Martian Atmospheric Evolution

[s6] The increased volcanic flux in the past obviously had
an impact on the Martian atmosphere. However, the rela-
tionship between the rate of volcanism and the atmospheric
pressure is complicated, and we will make a number of
assumptions to simplify matters. Useful reviews of Martian
atmospheric processes are in the studies of Jakosky and
Phillips [2001] and Manning et al. [2006].

[57] To calculate Martian atmospheric pressures, we first
consider a pure CO, atmosphere. While this may seem
overly restrictive, CO, is the major atmospheric constituent
today and was likely in the past also [Manning et al., 2006].
Additionally, the complexities in the mechanisms of H,O
loss and the relative importance of other constituents are
poorly constrained.

[s8] We calculate the atmospheric pressure due to CO, as
follows: we convert our rate of volcanism (in km?/yr) to kg/yr
assuming a basaltic composition of extrusives. We then
derive the mass of CO, generated for this volcanic mass,
using CO, concentration estimates for volcanism on Earth
(namely Iceland, mcoy ~ 516 mg/kg [Gslason et al., 2002]).
This, again, is a big assumption; there is no reason to believe
that the CO, concentrations in Martian volcanoes are similar
to Earth; however, in the absence of solubility models or
specific constraints for Mars, this is a sensible estimate. This
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then allows us to derive the volcanogenic contribution of CO,
throughout the post-Noachian.

[59] We assume that the atmospheric pressure is directly
related to the mass of CO, in the atmosphere, in the manner
of Manning et al. [2006]:

PCOZ = cmg (8)

[60] Presently, the atmosphere is at 6.8 mbar. Manning
et al. [2006] estimate the present atmospheric mass (1) at
2.8 x 10'® kg, giving a constant ¢ of 2.517 x 109

[61] To calculate the past atmospheric pressures, we must
infer the loss rates of CO, from the atmosphere. A com-
prehensive summary of Martian CO, sinks is given by
Manning et al. [2006]; we summarily bunch all the separa-
tive CO, sinks into one empirical loss term. Clearly, if the
atmospheric pressure was greater in the past, then the CO,
sinks must have overwhelmed the volcanogenic sources
through time to result in a net atmospheric loss. Figure 10
shows the effect of different CO, sinks. The first example
shows the effect of a constant CO, loss mechanism, with a
magnitude equal to that of the greatest volcanogenic input
rate. The maximum pressures reached (~70 mbar) fall well
clear of one bar. In order for post-Noachian atmospheric
pressures to ever exceed one bar, we need a recycling
mechanism “15 times” the maximum volcanogenic input
rate (series 2, Figure 10). With this constant loss rate of
1.32 x 10'7 kg/yr, an atmospheric pressure of one bar is
achievable just before 3 Ga.

[62] A constant loss rate is, however, extremely unrealistic,
and so we have also included an example where the rate of
CO; loss is a function of the atmospheric mass. Here

dmg/dt = —0.15m, 9)

[63] In this case the constant is chosen to produce a
similar final pressure (>1 bar) to the above example.
However, the time at which the atmosphere reaches these
pressures is significantly earlier (3.9 Ga), emphasizing the
impact variable loss rates have on the magnitude and
evolution of atmospheric pressures.

[64] Given the large uncertainties in CO, loss, we have
not included the even more complex nature of a CO,-H,O
atmosphere. While water is certainly lost more easily than
CO,, it is interesting to note that in most terrestrial volca-
noes the concentration of water exceeds that of CO, by an
order of magnitude [Stevenson and Blake, 1998]. While this
might not be of relevance to a dry Mars today, in an early,
degassing Martian mantle, this raises the possibility of a
H,0O-driven greenhouse driven by massive volcanic outgas-
sing (such as during Tharsis formation, Jakosky and Phillips
[2001]). An interesting point to note is that the triple point
for water (0.0098°C, 0.006 bar pH,0O) does not actually
require a significantly denser atmosphere, just warmer
surface temperatures (cw. the CO, triple point at —56.4°C
and 5.11 bar, Hoffman [2000]). In terms of atmospheric
models, though, the most common way to achieve warmer
temperatures is through a denser atmosphere [Jakosky and
Phillips, 2001], though other alternatives include higher
concentrations of potent greenhouse gases. Our simplistic
treatment does not treat minor constituents such as methane,
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Figure 10. Post-Noachian atmospheric evolution of Mars, based on the rates of volcanism of Figure 9.
(a) Decline of atmospheric mass versus time, assuming a dominantly CO, atmosphere and a current

atmospheric mass of 2.8 x 10'® kg. The change

in atmospheric mass is a combination of volcanic

outgassing and a generic “loss” mechanism. The first loss mechanism (1) assumes that the loss rate is
constant and equal to the maximum volcanic outgassing rate. The second (2) assumes that the loss rate
(1.32 x 107 kg/yr) is 15 times the maximum volcanogenic input. The third loss mechanism assumes that
the rate of loss is proportional to the mass of the atmosphere [equation (9)]. (b) Atmospheric pressure
versus time for the three examples shown in Figure 10a. In order for atmospheric pressures to
exceed 1 bar in the early Hesperian, the average atmospheric loss rate since then must have exceeded

the maximum volcanogenic input rate by 15 times

sulfur dioxide (or sulfides), or indeed the effects of clouds
[Forget and Pierrehumbert, 1997]. Our volcanic outgassing
predictions do, however, provide a more realistic input for
more advanced, future atmospheric evolution calculations.

6. Conclusions

[65] We have used available thermal and geologic con-
straints to constrain mantle convection models of Mars’
post-Noachian stagnant-lid evolution. We calculate the melt
production rates for Mars’ thermal state now and in the past
and use a dike-propagation algorithm to convert mantle melt
production rates into volcanism rates. We find a parameter
range which satisfies all of Mars’ thermal, geophysical, and
petrological constraints and extend our models into the past
by increasing mantle heat production to model Martian
volcanism through time.

[66] We have found that lithospheric thicknesses ~200 km
(heat flux 25 + 5 mW/m?) satisfy present-day rates of
volcanism; however, the degree of volcanism is strongly
sensitive on the solidus temperatures. Additionally, temper-
atures at the CMB must presently be less than ~1850°C to
satisfy geodynamo constraints. Crustal enrichment on Mars
must be between 25 and 50% in order to satisfy melt
production rates for sensible lithospheric thicknesses and
solidus temperatures. Extended to past conditions, our
models show a decline in volcanism rate from >0.17 km?*/yr,

for the Hesperian, to ~1 x 10~* km*/yr at ‘Present. The CO,
flux would have declined from 8.83 x 10" kg/yr to 6.67 x
10° kg/yr during the same interval. In order to satisfy the
constraints of (1) a present atmospheric pressure of 6.8 mbar
and (2) an atmospheric pressure of over one bar at the start
of the Hesperian, the average CO, loss rate (including all
CO, sinks) must have been 15 times the maximum volca-
nogenic input rate. Volcanism, degassing, and crustal pro-
duction are all important processes related to a planetary
mantle’s evolution, and our dike-propagation model provides
a self-consistent technique to relate these processes to long-
timescale mantle convection.
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